I Panet, F Pollitz, V Mikhailov, M Diament, P Banerjee, et al.. Upper mantle rheology from GRACE and GPS postseismic deformation after the [1] Mantle rheology is one of the essential, yet least understood, material properties of our planet, controlling the dynamic processes inside the Earth's mantle and the Earth's response to various forces. With the advent of GRACE satellite gravity, measurements of mass displacements associated with many processes are now available. In the case of mass displacements related to postseismic deformation, these data may provide new constraints on the mantle rheology. We consider the postseismic deformation due to the M w = 9.2 Sumatra 26 December 2004 and M w = 8.7 Nias 28 March 2005 earthquakes. Applying wavelet analyses to enhance those local signals in the GRACE time varying geoids up to September 2007, we detect a clear postseismic gravity signal. We supplement these gravity variations with GPS measurements of postseismic crustal displacements to constrain postseismic relaxation processes throughout the upper mantle. The observed GPS displacements and gravity variations are well explained by a model of viscoelastic relaxation plus a small amount of afterslip at the downdip extension of the coseismically ruptured
fault planes. Our model uses a 60 km thick elastic layer above a viscoelastic asthenosphere with Burgers body rheology. The mantle below depth 220 km has a Maxwell rheology. Assuming a low transient viscosity in the 60-220 km depth range, the GRACE data are best explained by a constant steady state viscosity throughout the ductile portion of the upper mantle (e.g., 60-660 km) . This suggests that the localization of relatively low viscosity in the asthenosphere is chiefly in the transient viscosity rather than the steady state viscosity. We find a 8.10 18 Pa s mantle viscosity in the 220-660 km depth range. This may indicate a transient response of the upper mantle to the high amount of stress released by the earthquakes. To fit the remaining misfit to the GRACE data, larger at the smaller spatial scales, cumulative afterslip of about 75 cm at depth should be added over the period spanned by the GRACE models. It produces only small crustal displacements. Our results confirm that satellite gravity data are an essential complement to ground geodetic and geophysical networks in order to understand the seismic cycle and the Earth's inner structure.
Introduction
[2] Knowing crustal and mantle rheology is essential for understanding how the Earth behaves when it is subject to a stress and what processes operate in its deep interior. In particular, mantle viscosity is one of the most important, yet least understood, properties of the inner Earth, controlling mantle dynamics and the pattern of convective flows. It exerts a first-order control on tectonic plates velocities, on the Earth's deformation in response to transient forces and loads (e.g., coseismic stress steps), and on stress distribution in subduction zones. In addition to laboratory experiments, geophysical observations have been used as probes of the mantle rheology at various spatial and temporal scales [e.g., Hager, 1991; King, 1995] . These include observations of geoid and crustal uplift following the last deglaciation, observations of postseismic deformation, models of geoid and dynamic topography using the density structure derived from seismic tomography, and tectonic plate velocities. Because of the difficulty of interpreting laboratory experiments under real mantle conditions, direct observations of the Earth's viscous deformation are very important. Geophysically inferred viscosity models typically depend on elapsed time since the forcing event and on the size of the source. Additional assumptions may be needed, such as an ice sheet model in the case of postglacial rebound, or a seismic velocity/density model to interpret the large-scale geoid. With the recent advent of satellite gravity, a new observation technique has become available to quantify Earth's deformation in response to different loads, through the detection and analysis of their gravity signatures and their evolution in time. In the case of postseismic deformation, which involves relatively short observations and well-known seismic sources, these new data may contribute to a better understanding of mantle rheology. [3] One of the largest earthquakes in recent decades, the M w 9.2 Sumatra-Andaman earthquake, occurred on 26 December 2004 at a particularly complex subduction boundary, along which the Indian and Australian plates subduct below a set of microplates comprising the fore-arc sliver plate, the Burma and the Sunda microplates [Ammon et al., 2005; Lay et al., 2005; Vigny et al., 2005] . In this area, the highly heterogeneous oceanic plate subducts below a highly heterogeneous overriding plate, following an oblique direction of convergence [Diament et al., 1992; Deplus et al., 1998; Deplus, 2001; Curray, 2005] . The Sumatra-Andaman earthquake ruptured at least 1300 km of this subduction boundary, causing a devastating tsunami. It was followed by numerous aftershocks and by a second very large earthquake, the M w 8.7 Nias earthquake, on 28 March 2005 (Figure 1 ). During the following years, slip at depth has continued, as evidenced by the sequence of recorded aftershocks. [4] Owing to monitoring networks on the ground (GPS stations, seismometry, tide gauges) and satellite data (ionospheric perturbations, altimetry, satellite gravity), the Sumatra earthquakes are among the best monitored ever, providing a unique opportunity to understand the processes operating in the seismic cycle. For the very first time, the Banerjee et al. [2007] . Gray planes are the afterslip planes of this study. The six southern, thicker planes are the coseismic and postseismic fault planes for the Nias earthquake modeling. Indicated are the 0 and 50 km slab depth contours of Gudmundsson and Sambridge [1998] . Epicenters of earthquakes of magnitude larger than 4 from 29 March 2005 to 1 August 2005 from the NEIC catalog are superimposed. Selected GPS sites from three regional networks are indicated. The two brown stars correspond to the epicenters of the Sumatra-Andaman December 2004 and Nias March 2005 earthquakes. The three blue boxes are the three areas of interest studied in the paper: the trench area (90°E-95°E, 4°N-9°N), the Nias area (93°E-98°E, 2°S-3°N) and the Thailand area (102°E-104°E, 4°N-6°N). mass redistribution within the Earth caused by the earthquakes has been measured at a global scale by GRACE satellite gravity [Han et al., 2006] . Launched in March 2002, the GRACE mission gives access to the temporal variation of the gravity field at a spatial resolution of about 400 km, and a temporal resolution from 10 days to 1 month. These variations are dominated by the effect of the water circulation between the atmosphere, the oceans, the land hydrological systems, and the polar ice caps. Such mass redistributions cause geoid variations of a few millimeters at various temporal and spatial scales [Dickey et al., 1997; Wahr et al., 1998 ]. Locally, large seismic events also generate geoid variations of the same amplitude, which may also be detectable by GRACE [Gross and Chao, 2001; Mikhailov et al., 2004; Sun and Okubo, 2004; de Viron et al., 2008] .
[5] An important coseismic gravity decrease in the Andaman Sea has been observed in the GRACE data for the 2004 M w 9.2 earthquake, followed by a positive rebound [e.g., Han et al., 2006; Panet et al., 2007; Ogawa and Heki, 2007; de Linage et al., 2008] . This gravity variation is due to vertical displacement of density interfaces (mostly the upper crust boundary and the Moho), and to rock density changes resulting from variations of the stress field (dilatation/compression). At large scales, the density variation effect dominates that of the vertical displacement. The observed coseismic gravity low demonstrated how sensitive GRACE was to the contribution of dilatation/compression of lithosphere and mantle rocks [Han et al., 2006] . Part of the gravity low has been attributed to nonuniform coseismic subsidence of the Andaman Sea overriding plate [Panet et al., 2007] . A postseismic gravity increase has been observed by GRACE around the Sumatra trench since 2005, and this has been related to viscoelastic relaxation or mantle water diffusion [Panet et al., 2007; Ogawa and Heki, 2007; de Linage et al., 2008] . The effect of the postseismic processes on the low degrees of GRACE gravity solutions was detected and discussed in terms of viscoelastic relaxation by Cannelli et al. [2008] .
[6] Here, we study the postseismic gravity signal from almost 3 years of GRACE data, until the end of 2007, and combine it with surface GPS measurements in order to derive a model for postseismic deformation that fits both the GPS and the GRACE data. Analyzing the variability of the signal at different spatial scales with wavelets, we show that viscoelastic relaxation is very important, but cannot explain all the gravity variations. The viscoelastic relaxation model that best fits the GPS measurements of crustal displacement for the first 3 years is a modification of the model presented by Pollitz et al. [2006a] based on the first year. This viscoelastic relaxation has to be combined with a small amount of afterslip at depth, below the coseismically ruptured area, in order to fit the satellite gravity data. Finally, we discuss the geodynamic implications of our findings.
Data Processing
2.1. GRACE Geoids [7] We analyzed the Release 1 of the decadal geoids by Biancale et al. [2007] , hereafter referred to as GRGS geoids, spanning the period between August 2002 and September 2007, computed from the GRACE satellites measurements. These geoids are provided in the form of spherical harmonic coefficients of the geopotential up to degree 50 (resolution 400 km) on the Web site of the Bureau Gravimétrique International (http://www.geodesie. ird.fr/bgi). They are computed by a regularized least squares inversion of the measurements. The regularization toward a mean static gravity field is applied for the spherical harmonic degrees larger than about 30 , the lower degree harmonics being unconstrained. Background geophysical models are used to correct the raw measurements from the high frequency variability associated with atmospheric pressure variations, ocean circulation and tides, in order to limit their aliasing in the geoid solutions. The geoid solutions that we analyze finally contain signals related to the water mass circulation between continents, polar ice caps and oceans, and solid Earth geoid variations including earthquake signals. The errors in the background models, and the unmodeled high-frequency signals, map into longitudinal, north-south elongated errors in these geoids. Some of these errors may be due to long-period noise. Oceanic tide aliasing effect, in particular, may be noticeable in the polar, coastal and shallow oceanic regions, with periodicities 161 days, 3.7 and 7.5 years [Ray and Luthcke, 2006] . Geoid variations of about 0.5 mm over periods larger than 3 months may result from errors in the ocean tide models [Schrama and Visser, 2007] . [8] To remove the water cycle signal, characterized by an important annual and semiannual variability, and any possible 161 day S2 tides aliasing, we adjusted and removed a 161 day, a semiannual, and an annual cycle. To avoid the leakage of the earthquake coseismic signal in these estimates, a step function at the time of the Sumatra-Andaman earthquake (26 December 2004) was simultaneously fitted, but not removed from the geoid signal. We also tried to fit a possible 3.7 year tide alias in the area, but our estimates were biased by the large postseismic gravity variations.
Spatiotemporal Analysis of the GRACE Geoids
[9] To enhance the earthquake signal (resulting from both coseismic and postseismic processes) in the GRACE data, we combine a multiscale filtering of the geoids in the space domain with an averaging in the time domain, over various time spans. This allows us to extract the earthquake signal without making assumptions about its temporal variability, such as an exponential decay. Given the complexity and the large number of earthquakes that occurred in this area since 2005, the time dependence of the signal may indeed be rather complex.
[10] Gravity variations caused by earthquakes have a characteristic scale of the size of the ruptured area, 1300 km in the case of the Sumatra 2004 main earthquake. They are mixed in with noise: large-and medium-scale patterns due to the geofluid signals remaining (water mass displacements due to interannual and long-term variability of continental hydrology and oceanic circulation), and small-scale patterns due to the striped noise resulting from the aliasing effects in GRACE geoid solutions. To enhance and extract the earthquake signal from GRACE models, we thus applied a multiscale filtering of the geoids based on a continuous wavelet analysis (CWT). A wavelet is a function well localized both in space and frequency, characterized by a scale parameter (describing its spectral coverage) and a position parameter (localizing the spatial point around which it concentrates most of its energy). In this study, as in the works by Panet et al. [2006 Panet et al. [ , 2007 , we use the Poisson multipole wavelets [Holschneider et al., 2003] . They are well suited for potential field analyses since they may be identified with multipolar sources located within the Earth. The reader interested in the wavelet theory and the continuous wavelet analyses is referred to Holschneider [1995] for more details; here we only recall a few basic ideas.
[11] For a given wavelet scale, we compute the correlation coefficients between the GRACE geoids and wavelets at positions continuously sampling the area under study. The map of those correlation (CWT) coefficients identifies structures in the geoid at the wavelet scale considered. We then repeat the analysis at different scales. Because a constraint is applied in the computation of the GRGS geoids from the GRACE data at resolutions smaller than about 600 km, the geoids may underestimate the smallscale gravity variations from the earthquakes. Consequently, we do not investigate wavelet scales smaller than 600 km in our analysis. Then, studying the temporal variability of the highlighted structures at different scales allows a better understanding of the physical processes involved. [12] To study the temporal variability of the geoid components at different scales, and enhance those related to the Sumatra earthquakes, we stack the CWT coefficients over various time spans and remove the contribution of a reference geoid. We obtain so-called "residual" geoid and CWT coefficients. Our reference geoid is the average geoid over the period from the beginning of January 2005 to the end of March 2005. It includes the coseismic signal from the Sumatra-Andaman 2004 earthquake and the first 3 months of postseismic deformation. Stacking to produce this reference geoid indeed allows us to lower its noise level (in particular due to the stripes). The price to pay when doing so is that one cannot study the early postseismic relaxation. Then, the CWT of this reference geoid was subtracted from the CWT of the geoids stacked over longer periods starting in April 2005, allowing us to analyze the residual geoid signal. As the stack length increases, the remaining periodic and high frequency variability averages out, whereas the long-term signals appear more clearly. This allows us to highlight the postseismic gravity variations in the Sumatra subduction zone. Note that possible temporal trends in geofluid signals will also be enhanced in this analysis. Their separation from the geodynamic signal is then based on their different spatial characteristics.
[13] Finally, we estimated the precision of the CWT of our stacked geoids. For that, we used the calibrated errors on the spherical harmonic coefficients provided with the GRGS geoids, and applied band-pass filters defining the wavelets at different scales. We then computed the cumulative RMS errors up to degree 50. We thus obtained a formal CWT error at different wavelet scales, which amounts to about 0.5 mm at 600 km scale, 0.4 mm at 1000 km scale, and 0.3 mm at 1400 km scale for the 10 day geoids. For a monthly geoid, the precision becomes 0.3 mm at 600 km scale, 0.23 mm at 1000 km scale and 0.17 mm at 1000 km scale. These results are consistent with a noise estimation carried out by de Viron et al. [2008] . They compared the GRGS Release 1, GFZ and CSR monthly geoids and estimated their variance using the tricornered hat method. The GFZ geoids are computed from the GRACE data by the GeoForschungsInstitut (Potsdam, Germany), and the CSR geoids are computed by the Center for Space Research, Austin, Texas. De Viron et al. [2008] concluded that a 0.3 mm precision for the monthly geoids at 400 km resolution was a reasonable estimate. This corresponds to our higher error boundary, for a waveletfiltered solution. Finally, when we simply consider the monthly variability of the CWT of the GRGS geoids in a wide area around Sumatra, we again find similar amplitudes of variations, not attributable to the earthquake signals. We thus conclude that our CWT error estimates are acceptable and may slightly overestimate. Then, the RMS errors of the CWT of the reference geoid (3 month stack) reaches 0.14 mm, 0.11 and 0.08 mm at 600, 1000 and 1400 km scales, respectively. For a stack from April 2005 until September 2007, it amounts to 0.04, 0.03 and 0.02 mm. When we remove the reference geoid from the stacks over different periods, we should add the error on this reference geoid to the error of the stacked geoid, leading to an error estimate of the residual geoid of about 0.28, 0.22 and 0.16 mm for the stacks up to June 2006, and 0.18, 0.14 and 0.1 mm for the stacks up to September 2007. As the same constant reference field is subtracted from all stacks, its error does not impact the growth rate of the stacked signal in the following years. The precision of the growth rate is limited by the precision of the stacks, without adding the reference geoid error. [14] To enhance our postseismic deformation models, we analyzed surface GPS measurements in addition to the GRACE gravity data. We have compiled data from five sites belonging to several continuously operating GPS networks, including: the Thai Geodetic Network (THAI), the National Institute of Information and Communications Technology (NICT), and the International GPS Service (IGS). The GPS sites are located in Thailand and Singapore, in the back-arc region of the Sunda subduction zone (Figure 1 ). The GPS data were processed with the GAMIT/GLOBK software package [Herring et al., 2008a [Herring et al., , 2008b to produce time series of station coordinates in the ITRF-2000 reference frame [Altamimi et al., 2002] . We used a minimum of 15 global IGS GPS stations to implement the ITRF-2000 reference frame. The stations used to determine the reference frame are more than 1600 km from the Sumatra-Andaman earthquake rupture. The GPS data yielded 2-D horizontal displacements that span the time period between January 2005 and June 2008. Background interseismic motions, estimated from a regional relative plate motion model (E. V. Apel et al., Indian plate motion, deformation and plate boundary interactions, submitted to Geophysical Journal International, 2010), have been removed from the postseismic time series. The interseismic motions are predominantly eastward and vary in magnitude between 2.9 cm/yr at NTUS to 3.4 cm/yr at BNKK, with 1 sigma uncertainties for both horizontal components of up to 0.2 cm/yr. In this study, we do not use vertical GPS displacements, because this component is the least precisely measured by GPS, whereas satellite gravity is particularly sensitive to its impact on the gravity field. showing the reference geoid. 1 The dominant temporal signal is a clear gravity increase along the trench, likely to be a postseismic signal given its shape and location around the subduction zone. This kind of signal was already observed by Panet et al. [2007] , , and de Linage et al. [2008] and is confirmed by the present analysis. The geoid growth reaches the millimeter level at the scales investigated. The coseismic gravity variation due to the Nias 28 March 2005 earthquake also appears clearly, in particular at the 600 km scale. It is associated with to a gravity increase around the location (2°S, 97°E). Aside from these positive anomalies, we note two negative anoma-lies of the geoid, the first in the Indian Ocean and the second around Thailand. The time dependence of the gravity variation in Thailand is not monotonic, as shown in Figure 3 , in contrast to what is expected in the case of a postseismic relaxation. This suggests that residual geofluid signals in this area are likely to overprint a possible geodynamic signal. Han and Simons [2008] separated the earthquake coseismic signal from an important seasonal hydrology cycle, and an analysis of oceanic and hydrological models by de Linage et al.
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[2008] supports a possible long-term geofluid signal there. Consequently, we conclude that an important part of the anomaly over Thailand is not of geodynamic origin, even if the final model constructed in this paper partly explains the minima observed. Finally, we also observe a persistent negative anomaly in the Indian Ocean, around location 5°S, 92°E). Because of its monotonic evolution in time, and its location close to the maximum of anomaly, it may be related to the growth of the earthquake postseismic signals. Indeed, viscoelastic models studied in the remainder of this paper also show a negative anomaly in this area.
[16] Figure 3 shows the growth of the CWT coefficients represented in Figure 2 , in three significant locations: the trench area (between 91°E-93°E and 7°N-9°N), the Nias area (between 96°E-98°E and 1°S-1°N), and the Thailand area (between 102°E-104°E and 4°N-6°N). The growth of the signal is studied only for stacking periods larger than 3 months (June 2005), otherwise the noise level would be too high. Consequently, the growth of the signal is plotted with respect to the value of the June 2005 stack. In the trench and Nias area, we observe that the growth rate of the geoid anomalies is larger as the scale increases. In the trench area, the growth of the 600 km scale component slows down after June 2006, whereas the 1400 km scale anomaly keeps increasing continuously. In the Nias area, we note that the 1400 km scale anomaly becomes noticeably larger than the 
Postseismic Deformation Models
[17] Different processes may be invoked to explain the observed signal. Given the large size of the earthquake, viscoelastic relaxation of stress changes in the mantle would be expected to play an important role after the earthquake [Pollitz et al., 2006a] . At the rather large spatial scales resolvable by GRACE, it is likely to be a dominant contribution. Afterslip was also suggested by a few studies [Vigny et al., 2005; Hashimoto et al., 2006; Chlieh et al., 2007; Paul et al., 2007] . Indeed, the large number of aftershocks and the sequence of earthquakes that occurred during the years 2005 to 2007 indicate slip at depth during this period. However, afterslip is a smaller-scale process as compared to viscoelastic relaxation, as will be confirmed in this study. Finally, poroelastic rebound in the crust may also occur after the earthquake [Masterlark et al., 2001] . The associated time scale is usually too short and the affected area too local to explain our observations. More recently, Ogawa and Heki [2007] have suggested that supercritical water diffusion may take place in the mantle and compensate for coseismic dilatation/compression for the Sumatra earthquake, but they do not provide any modeling of the geoid variations caused by this process. Thus, as a first approximation, we do not consider this possible effect in our modeling explicitly. However, the presence of water in the crust and mantle is expected to affect the rheology by generally reducing viscosity [e.g., Bürgmann and Dresen, 2008] . [Pollitz et al., 2006a] , and is referred to as the VE06 model in this paper. The source models described by Banerjee et al. [2007] are constrained from GPS static offsets corrected for postseismic motions to the time 1 day following the earthquake. This duration has been chosen to account for the whole coseismic signal without introducing too much postseismic signal. For the 2004 earthquake, the model has between 2 and 19 m of slip (average slip is about 10 m) on a 1300 km long, 100/140 km wide set of fault planes (M w 9.2). For the Nias March 2005 event, it corresponds to an earthquake of magnitude M w = 8.66, a value larger than the magnitudes inferred from seismology. From these source models, we compute the stress and strain distribution resulting from the earthquake, and the consequent viscoelastic postseismic relaxation in a spherically symmetric Earth, with elastic layering according to the PREM model [Dziewonski and Anderson, 1981] . It consists of a 60 km thick lithosphere overlying a 160 km thick asthenosphere with a biviscous Burgers body rheology. A Burgers body exhibits an early Kelvin solid behavior (viscously damped elastic deformation) and a long-term Maxwell fluid behavior, to which correspond the transient and steady state viscosities, respectively. Thus, it allows to linearly model an asthenospheric response with more than one characteristic relaxation time, related to the presence of weak inclusions, transient creep or nonlinear flow [Pollitz, 2003] . Here, the transient and steady state viscosities in the asthenosphere (depth range 60 to 220 km) are 5 · 10 17 Pa s and 10 19 Pa s. The mantle below depth 220 km has a Maxwell rheology with higher viscosity (10 20 Pa s for the upper mantle and 10 21 Pa s for the lower mantle). Coseismic and viscoelastic postseismic relaxation are computed with the methods of Pollitz [1996 Pollitz [ , 1997 . Corresponding geoid variations are derived, taking into account surface deformation and stressinduced density variations (dilatation), as explained by Panet et al. [2007] . The spherical harmonic expansion of these geoid variations is truncated up to degree 50 and order 50 to ensure consistency with the GRACE data. Figure 4 [19] The observed geoid variations are larger and cover broader areas than the modeled ones: the model lacks energy as compared with the observations, as also seen by Simons et al. [2009] with a purely elastic modeling. This observation holds especially for the larger-scale components, for which the observed GRACE variations have much larger amplitude than the modeled ones. Such large-scale components are not well constrained by the GPS data used to construct the relaxation model: indeed, their spatial distribution is sparse, and the precision of the vertical displacements is the lowest, whereas gravity is, in contrast, very sensitive to the vertical displacement of the crust. Moreover, GPS measurements are much less sensitive than GRACE data to the deeper processes affecting the whole upper mantle. Thus, the analysis of the GRACE data brings complementary information, and suggests either that another process, such as afterslip, has to be introduced to account for part of the observations, and/or that we need to modify the viscoelastic relaxation model. Afterslip is not likely to generate the largest signal at the largest scale (and this will be confirmed later in this paper), so we first modified the viscosity profile of the viscoelastic model. [20] Modifying the viscosity in the lower mantle does not improve the fit to the data because rather high viscosities are involved and their impact on the 3 year geoid variation is too small to be clearly detectable at GRACE precision. The biviscous rheology in the asthenosphere is suggested by many earthquake studies [Pollitz et al., 1998 [Pollitz et al., , 2001 Pollitz, 2003 ], so we kept the Burgers body model for the asthenosphere. Tests show that modifying the asthenospheric rheology (the transient viscosity, steady state viscosity, or transient shear modulus) cannot match the long-wavelength GRACE data without seriously compromising the fit to the GPS data. The sensitivity of predicted GPS motions to steady state asthenosphere viscosity is indeed demonstrated by viscoelastic relaxation models, with or without afterslip added, where this viscosity is systematically varied and its influence on resulting fits to surface displacement is evaluated. Let h a and h m be the steady state mantle viscosity in the depth range 60-220 km and 220-670 km, respectively. Figure 6 shows the pattern of normalized root-mean-square (NRMS) misfit between the observed and calculated GPS time series as a function of h a , assuming two values for the ratio h m /h a . It indicates that steady state asthenosphere viscosity must be close to 8 · 10 18 Pa s (as indicated by the filled circle in Figure 6 ) in order to satisfy the GPS data.
Viscoelastic Deformation Model
represents the
[21] The rheology of the mantle below the asthenosphere is less known, and the GRACE data bring here valuable constraints. Note that Figure 6 shows that the GPS measurements are moderately sensitive to the viscosity of the deeper layers (below 220 km depth). A comparison of the results with h m /h a = 10 and those with h m /h a = 1 in Figure 6 indicates that GPS data misfit is lower for the latter ratio. The GPS data thus suggest that the viscosity value in the 220-670 km layer is substantially less than the 10 20 Pa s value used in the VE06 model (Table 1) , and the GRACE geoid data provide a stronger test of this hypothesis. [22] To illustrate the sensitivity of the GRACE data to h m , Figure 7 shows the geoid effect of a viscosity change from 10 20 Pa s to 10 19 Pa s. It decreases the positive signal along the trench at small scales, and slightly increases the largest-scale components (see also Table 1 ). We note that a significant decrease of the viscosity is needed in order to improve the fit to the GRACE data. Keeping the ratio h lm /h a constant, where h lm is the lower mantle viscosity, we obtain the best results by decreasing h m to 8.10 18 Pa s (model VEB1 of Table 1 ). Such a low value is not surprising, since the GRACE data exhibit a clear gravity variation at a characteristic time constant of 2-3 years, which is consistent with the obtained value of the viscosity. What GRACE shows is that a viscosity value near 10 19 Pa s cannot be limited to the superficial layers, but must exist in a larger volume affecting the whole upper mantle. Note that the suggested viscosity decrease also damps the Thailand and Indian Ocean anomalies. However, as they are the noisier part of the observations, we prefer to constrain the model mostly from the geoid variations in the trench area. We find that viscoelastic relaxation on model VEB1 is sufficient to explain the joint GPS/GRACE data sets at all scales, provided that viscoelastic relaxation is appended with afterslip at depth, which we explore in section 4.2. [23] To show that the remaining misfits of the geoid profiles are well explained by afterslip, we calculated the geoid variations caused by afterslip at depth. To model it, we assume steady afterslip taking place on the 100 km downdip continuation of the upper (0-30 km depth) coseismic fault planes by Banerjee et al. [2007] . Our afterslip fault planes have depth of the upper edge equal to 30 km, depth of the lower edge equal to 87.4 km, and dip angle 35°. These afterslip fault planes are represented in Figure 1 . Our afterslip model has a very simple linear time dependence. Indeed, the relatively low spatial resolution of the GRACE data and the trade-off with viscoelastic relaxation limits the precision of the afterslip model. We can only constrain the net amount of afterslip accumulated during the period spanned by our data. We tried different cumulative amounts of slip at depth. This confirmed that it is not possible to fit the GRACE data with afterslip only, because the scale dependence of the anomaly cannot be respected (see Table 1 ).
Afterslip Model
[24] The remaining geoid misfits are well modeled by 75 cm of slip over the studied period, corresponding to an average rate of 30 cm/yr. This cumulative afterslip corresponds to an earthquake of magnitude approximately equal to M w = 8.2. This is comparable with the estimates of Hashimoto Figure 10 ) with respect to a Burgers body viscoelastic relaxation model as a function of steady state asthenosphere viscosity h a for two values of the ratio h m /h a , where h a and h m are the steady state mantle viscosity in the depth ranges 60-220 km and 220-670 km, respectively; the ratios h a /h 2 = 20 and h lm /h a = 100 are assumed, where h 2 is the transient viscosity in the depth range 60-220 km and h lm is the lower mantle viscosity. For the case where h m /h a = 10, afterslip rate is assumed to be zero; for the case where h m /h a = 1, misfit results are shown for afterslip rates of 0 and 30 cm/yr. The filled circle indicates the "combined model" (combined relaxation VEB1 and afterslip model described in section 4, i.e., with viscosity parameters given in Figure 11 , which show that the first 3 months of afterslip (shallow in their model) following the Sumatra-Andaman 2004 earthquake are equivalent to a M w 8.7 earthquake. If afterslip takes place at a shallow depth, then the associated geoid pattern is similar to the observed GRACE coseismic variations: mostly a geoid decrease in the Andaman Sea. If afterslip takes place at deeper depth, the geoid anomaly mainly reflects density changes resulting from stress variation in the mantle above the thrust, leading to a positive geoid anomaly in the vicinity of the trench. Figure 8 shows the geoid variation associated with this afterslip for the April 2005 to September 2007 period. The modeled signal enhances the positive anomaly around the trench, and also the low over Thailand. An important point is that the anomaly is greater in magnitude as the scale decreases, in contrast to what we observe from GRACE in Figure 2 . An afterslip model that fits the GRACE data at large scale would thus lead to a very large excess of signal at small scales. This would be inconsistent with the observations from GRACE at small scale. Thus, neither afterslip alone, nor viscoelastic relaxation alone can reproduce the scaling properties of the observed geoid variations.
[25] A combination of afterslip and reduced viscosity allows us to derive correct geoid amplitudes at all spatial scales. We note that our final model, represented in Figure 9 , still slightly lacks energy at the largest scales, and has a bit too much signal at the smallest scales as compared to the data. This excess of signal at the smallest scales may be related to the damping of the GRGS geoids for all spherical harmonic degree above 30, which may have an impact on our 600 km scale component, whereas the 1000 km and 1400 km scales are more reliable. Results at the larger scales suggest that even lower mantle viscosities might be possible; they might also be related with a nonlinear response of the upper mantle below the asthenosphere as we discuss below.
[26] From this analysis, we believe that the most realistic model to fit both the GRACE and the GPS data is obtained when combining a small amount of afterslip at depth (75 cm of slip over the studied period) with viscoelastic relaxation of the upper mantle involving essentially no contrast in steady state viscosity between the asthenosphere and the deeper upper mantle. Table 1 summarizes the amount of signal at each scale obtained from each separate model and from the combined model. It clearly shows that afterslip and viscoelastic relaxation contribute at small scales and at large scales, respectively, thus their balanced combination produces a fit to the GRACE data at all scales. Figure 10 shows the GPS displacements predicted from this combined model, as well as from a model of viscoelastic relaxation alone using either the VE06 viscosity structure (Table 1) or the modified VEB1 model of the present study (Table 1 ). Figure 6 illustrates the minimum in GPS data misfit using model VEB1. All time series in Figure 10 are better fitted with the modified viscosity structure (i.e., red versus green curves). The addition of afterslip results in only minor differences at most GPS sites (i.e., blue versus green curves in Figure 10 ) but produces even better agreement with observed time series. The fit to the GPS measurements is good, and remaining misfit is of the same order as the error in interseismic relative velocities (Apel et al., submitted manuscript, 2010) used to correct the original GPS time series. The solid profile in Figure 11 shows this preferred depth-dependent viscosity model (east Indian Ocean: GRACE/GPS).
Discussion
[27] As a first approximation, we provided here a simple model to account for the postseismic deformations of the Sumatra-Andaman 2004 earthquake, but the real rheology of this region is certainly more complex. Low-viscosity areas are indeed expected in the mantle wedge, where the water released by the subducting slab partly melts the mantle rocks [Hirth and Kohlstedt, 2003] . Pollitz et al. [2008] studied the effects of the lateral viscosity variations due to the structure of the subducting slab and to the weaker mantle wedge in the back-arc region. They concluded that introducing such lateral heterogeneity in the viscoelastic model reduces the amplitude of the Sumatra-Andaman 2004 postseismic deformation. This can be compensated by increasing the amount of afterslip at the depth. However, geodetic data alone do not allow to precisely quantify the competing effects of the viscosity profile and its lateral variations, the slab structure and the afterslip at depth. This is the reason why we preferred to use a simpler model as a first approach. The main information that GRACE and GPS data provide, in any case, is that a low-viscosity upper mantle is required to adequately fit both data sets. [28] The viscosity values of our model are consistent with other estimates from the literature. Studies of tilting of continental margins and oceanic islands in response to sea level changes Lambeck, 1987, 1989 ] and glacio-isostatic adjustment in southeast Iceland [Fleming et al., 2007] indicate the presence of a low-viscosity zone (LVZ) in the shallow mantle with an effective viscosity much lower than that of the deeper mantle. Moreover, Fleming et al. [2007] constrain the depth range and absolute viscosity in the LVZ to be roughly 30-400 km and 2.10 18 Pa s, respectively. This LVZ thus corresponds to the asthenosphere and a part of the underlying upper mantle in our model. Although the tectonic setting in Iceland is different from the Sumatra subduction one, their results indicate the possibility of very low viscosities in the upper mantle. In both cases, the presence of water in the oceanic mantle may also reduce the viscosity [Ranalli, 1995; Bürgmann and Dresen, 2008] . Figure 10 shows the VATNA-3 model of Fleming et al. [2007] together with our inferred viscosity structure for the eastern Indian Ocean. If these viscosity structures are comparable, then our results of postearthquake relaxation suggest that the effective viscosity in the LVZ that describes the response to other loads (glacioisostatic adjustment or sea level changes) represents a combination of the transient and steady state viscosities of the LVZ. Although the magnitude of mantle viscosity is larger beneath an ancient continental region, inferences of a LVZ based on the above studies are consistent with the trade-off between LVZ thickness and viscosity contrast derived by Paulson and Richards [2009] in a study of postglacial rebound from Hudson Bay. They indeed showed that the observed viscous deformations may be explained by lower viscosities in a thinner LVZ, or larger viscosities in a thicker LVZ.
[29] Transient rheologies have also been suggested by other geodetic studies of postseismic deformation at time scales of a few days to decades [e.g., Pollitz et al., 2001; Pollitz, 2003] , and related to the presence of weak inclusions, transient creep or nonlinear flow in the crust and mantle. For instance, Pollitz et al. [1998] inferred a steady state viscosity of 5 · 10 17 Pa s for the oceanic asthenosphere. This is in agreement with the value of the transient asthenospheric viscosity in the present model, and indicates again the existence of a LVZ in the shallow mantle. Other studies in tectonically active continental regions (summarized by Hammond et al. [2009] , Bürgmann and Dresen [2008] , and Thatcher and Pollitz [2008] ) yield similar estimates of the steady state viscosity in the upper mantle, and they are generally much lower than those derived from postglacial rebound studies. However, previous postearthquake studies constrain mantle viscosity only to depth less than 100 km. The viscosity of 8 · 10 18 Pa s inferred for the 220-670 km range in the present study suggests that low steady state viscosity inferred for the shallow mantle persists to much greater depth, well below the base of the asthenosphere, at least below the eastern Indian Ocean.
[30] Such a low viscosity in the 220-670 km depth range could also be related with a possible nonlinear response of the deeper upper mantle to the large stress release of the Sumatra-Andaman 2004 earthquake. Laboratory experiments show that a nonlinear response of ductile olivine to the stress applied may be expected in a wide range of frequencies [Minster and Anderson, 1981] . Linear deformation of olivine in the diffusion creep regime is expected in the lower upper mantle [Karato and Wu, 1993] , but these authors also mention that the power law rheology may dominate in upper mantle regions where the stress level is high. In the case of the Sumatra-Andaman 2004 earthquake, coral morphology and geodetic data show that the Sumatra subduction zone is highly locked [Simoes et al., 2004] , and the area around the epicenter of the earthquake had not ruptured historically. At the regional level, the India/Eurasia collision produces very high stresses in the oceanic lithosphere [Deplus, 2001] . Consequently, large amounts of strains and hence stresses have accumulated and have been released by the earthquake [Nalbant et al., 2005; Pollitz et al., 2006b] . In this context, a nonlinear rheology is plausible. It would lead to a highly spatially and temporally dependent viscosity, and explain why the effective viscosities inferred from studies of different events may differ by orders of magnitude. Here, nonlinearity may thus account for our low upper mantle viscosity. Such rheology was proposed, at shallower depths, to account for the postseismic deformations of the Denali 2002 Alaska earthquake [Freed et al., 2006] and of the 1992 Landers and 1999 Hector Mine earthquakes [Freed and Bürgmann, 2004] . The magnitude of these earthquakes is between 7.1 and 7.9. In this hypothesis, the low-viscosity Kelvin element of the Burgers body model approximates the nonlinear behavior of the asthenosphere [Pollitz, 2003] . It could be one of several elements that build a more complex model with time-varying viscosity. In a similar fashion, our low viscosity in the deeper upper mantle may be a component of a more complex, nonlinear rheology model in response to the large stress released by the Sumatra-Andaman 2004 earthquake, the upper mantle viscosity slowly increasing to a higher steady state value. The small remaining excess of signal at the 1400 km scale we observe in the GRACE data, as compared to our final model, could be due to an imperfect approximation of such nonlinear effects. This hypothesis will have to be confirmed by studies of the GRACE data over longer time scales in the future. As they are very precise at the wavelengths of mantle relaxation, these data provide an unprecedented view into such possible viscous behavior of the whole upper mantle.
Conclusion
[31] From a multiscale analysis of the GRACE geoids until September 2007, we have isolated the gravity signature of the postseismic signal of the Sumatra-Andaman M w = 9.2 2004 earthquake. The fast growth of geoid variations around the trench during the years following the earthquake cannot be fully explained by the previous viscoelastic relaxation models proposed for this earthquake from an analysis of GPS measurements of crustal deformation alone. The GRACE data are particularly sensitive to the large-scale deformation and suggest more deformation at depth than previously modeled. Such observation cannot be accounted for by pure afterslip, which is a smaller-scale process. It is well explained by a viscoelastic relaxation model with a low upper mantle viscosity, to which afterslip at the downdip continuation of the ruptured surface is added. In this model, the asthenosphere (60-220 km depth) has a Burgers body rheology with transient and steady state viscosities equal to 4 · 10 17 Pa s and 8 · 10 18 Pa s, respectively, and the mantle below depth 220 km has a Maxwell rheology with viscosity 8 · 10 18 Pa s for the upper mantle and 8 · 10 20 Pa s for the lower mantle. Such a hybrid model is also in good agreement with the horizontal GPS displacements in the area. The amplitude of the upper mantle viscosity suggested by this study is within the range of estimates from other regions. The low viscosity ≈10 19 inferred for the entire upper mantle may illustrate the nonlinear response of the upper mantle to the large stress release of the Sumatra earthquakes. This will have to be confirmed by further investigations of the GRACE data over longer time spans.
[32] Finally, these results also show the complementarity between satellite gravity and surface geodetic data and the prospects of their joint analysis. The GRACE data are more sensitive to the effect of the vertical displacements, which is the least precise of the three components of crustal displacement measured by GPS, and fully captures the energy of the signal at large scales coming from the deeper layers. Thus, for great subduction zone earthquakes, GRACE detects well the density variations resulting from large-scale deformation and provides a unique view of the mantle viscous response to the earthquake. In contrast, the surface GPS data are more sensitive to the horizontal displacements and to relatively shallow mantle viscosity structure. Thus, jointly modeling those two data sets leads to a better view of the geodynamic processes. This shows the broad interest in satellite gravity data, especially for subduction earthquakes studies where the surface network may be sparse.
